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a b s t r a c t

Analysis of leads and lags between different paleoclimate records remains an important method in
paleoclimatology, used to propose and test hypotheses about causal relationships between different
processes in the climate system. The robust lead of Antarctic temperature over CO2 concentration during
several recent glacial–interglacial transitions inferred from the Antarctic ice cores apparently contradicts
the concept of CO2-driven climate change and still remains unexplained. Here, using an Earth system
model of intermediate complexity and generic scenarios for the principal climatic forcings during
glacial–interglacial transitions we performed a suite of experiments that shed some light on the
complexity of phase relationships between climate forcing and climate system response. In particular,
our results provide an explanation for the observed Antarctic temperature lead over CO2 concentration. It
is shown that the interhemispheric oceanic heat transport provides a crucial link between the two
hemispheres. We demonstrate that temporal variations of the oceanic heat transport strongly contribute
to the observed phase relationship between polar temperature records in both hemispheres. It is shown
that the direct effect of orbital variations on the Antarctic temperature is also significant and explains the
observed cooling trend during interglacials. In addition, an imbedded d18O model is used to demonstrate
that during glacial–interglacial transitions, the temporal evolution of deep calcite marine d18O in
different locations and at different depths can considerably deviate from that implied by the global ice
volume change. This finding indicates that the synchronization of different marine records by means of
foraminiferal calcite d18O yield large additional uncertainties. Based on our results, we argue that the
analysis of leads and lags alone, without a comprehensive understanding and an adequate model of all
relevant climate processes, cannot provide direct information about causal relationships in the climate
system.

� 2009 Elsevier Ltd. All rights reserved.
1. Introduction

Analysis of the lead–lag (phase) relationships between
different paleoclimate records remains one of the principal tools
used in paleoclimatology to propose and to test hypotheses about
the mechanisms of past climate change (e.g., Alley et al., 2002;
Broecker, 2003). The method is directly based on the funda-
mental physical principle of causality, which in short can be
formulated as follows: each effect has its cause and the cause
precedes the effect. Strictly speaking, the physical principle of
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Geomorphology, Vrije Uni-

Amsterdam, The Netherlands.

All rights reserved.
causality can only be applied when presumable cause and its
effect are clearly separated in time and then, only to falsify the
hypothesis about the causal relationship. Namely, that if event B
occurs later than event A, then the effect B cannot be the cause of
event A (Fig. 1a). The lead of event A, of course, cannot alone
prove that this is the cause for the event B. A good example for
using the causality principle to falsify hypotheses about causal
links between two paleoclimate events is the relative timing of
meltwater pulse 1A (MWP-1A) and the onset of a warm Bølling
event. If these two events occurred approximately simulta-
neously (within the dating errors) it is possible that MWP-1A was
the cause of Bølling, as suggested by Weaver et al. (2003).
However, if the recent dating of MWP-1A by Stanford et al.
(2006) is correct, which implies that MWP-1A occurred ca
500 years after the onset of Bølling, then MWP-1A cannot be
considered as a potential cause of Bølling.
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Fig. 1. Different types of paleoclimate ‘‘events’’ and associated leads and lags discussed
in the text. Open circles correspond to midpoint of transition and filled circles – to the
‘‘onset’’ of transition. Lags and leads are defined for the record ‘‘A’’ compared to the
record ‘‘B’’.
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In the (usual) case, when paleoclimatological events are not well
separated in time or when there is a sequence of events, not only
the interpretation but even the definition of leads and lags becomes
ambiguous (Fig. 1b). For example, a direct correlation between
Dansgaard–Oeschger (D–O) events recorded in Greenland and
Antarctic warm events implies Antarctic temperature leads by ca
1000 years (Blunier et al., 1998), which apparently rules out
a possibility that Antarctic warm events are caused by D–O events.
However, if one performs the analysis based on the mechanisms of
Atlantic seesaw (Crowley, 1992), then the temporal dynamics of
Antarctic temperature and one-to-one correspondence between
warmings in both hemispheres (EPICA Community Members,
2006) is readily explained by changes in the interhemispheric
ocean transport forced from the north and a large thermal inertia of
the Southern Ocean (Ganopolski and Rahmstorf, 2001; Stocker and
Johnsen, 2003).

When climate change on orbital time scales is concerned, the
use of the lead–lag relationship to detect the cause and effect
becomes even more complicated. Indeed, climate changes on
orbital time scales cannot be considered as ‘‘events’’, but rather as
continuous variations which occur more or less synchronously at
different locations and in different proxies. As was discussed by
Alley et al. (2002), even the sign of the phase between different
paleoclimate record depends on whether the beginning or
midpoint of the transition is chosen to determine leads and lags
(Fig. 1c). Alley et al. (2002) argued that the beginning of the tran-
sition is more important for the casual relationship. However, it is
usually very hard to identify the beginning of the transition within
the noisy paleoclimate records. In practice, either midpoints of
transition or maximum correlations are used to determine lead–lag
relationships between paleoclimate records.

An additional complication for using lead–lag analysis of the
paleoclimate records to deduce causal relationship stems from
the fact that past climate changes were caused by several climate
forcings of comparable importance. For example, for the Last
Glacial Maximum (ca 21,000 years BP) it has been shown (Hewitt
and Mitchell, 1997; Ganopolski, 2003; Schneider von Deimling
et al., 2006) that radiative forcing caused by changes in the ice
sheets, atmospheric concentration of greenhouse gases, vegetation
cover and atmospheric dust are globally of comparable magnitude
(1–3 W/m2) but the spatial patterns of temperature responses to
these factors are very different. Moreover, the temporal dynamics
of these forcings during the glacial–interglacial transition were
rather different as well. Therefore, the phase relationship between
paleoclimate records from different regions may simply reflect the
differences in temporal dynamics of dominant regional forcings,
rather than provide any sensible information about causal
relationships.

The phase relationship between temperature and CO2 concen-
tration, inferred from the Antarctic ice cores, represents an example
of a potential problem associated with the interpretation of leads
and lags. Analysis of the Antarctic ice cores produced robust and
rather unexpected result that the Antarctic temperature led
CO2 concentration by ca 1000 years during previous glacial–inter-
glacial transitions. In particular, Fischer et al. (1999) found
600 � 400 years temperature lead over CO2 concentration during
the past three glacial terminations. Similarly, 800 � 600 years
temperature lead was reported for Termination I by Monnin et al.
(2001), 800 � 200 years for Termination III by Caillon et al. (2003),
and Siegenthaler et al. (2005) found temperature leads of 800,
1600, and 2800 years during Terminations V, VI, VII, respectively.
These results caused some confusion because when taking into
account the large thermal inertia of the Southern Hemisphere, one
would rather expect a detectable temperature lag behind CO2

concentration if the latter is the principal cause of temperature
changes in the Southern hemisphere. Unsurprisingly, this fact was
used by climate skeptics to challenge the role of CO2 in climate
change.

Here, using an Earth system model of intermediate complexity
forced by a generic (i.e., a rather simplified and schematic) scenario
for a glacial–interglacial–glacial transition, we argue that the
Antarctic temperature lead over the CO2 concentration can be
readily explained as a transient response to a combination of
several climatic forcings and hence does not impose any problem
for the concept of the leading role of CO2 in past and future climate
changes. It is also shown that the ‘‘southern lead’’ does not imply
the leading role of the Southern Hemisphere in driving the glacial
cycles. Rather, it can be explained as a direct response to the
‘‘northern’’ and global forcings. Results of the analysis of the
temporal dynamics of the relative 18O isotope concentration in sea
water during the glacial–interglacial transitions reveal another
potential problem in the interpretation of paleoclimate proxies.
Namely, it is shown that d18O, which is often interpreted as the
proxy for global ice volume and is widely used for synchronization
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Fig. 2. ‘‘Generic’’ forcing scenarios used in different experiments. (a) CO2 concentra-
tion and the global ice volume expressed in terms of sea level. (b) Area of the ice sheet
in the Northern Hemisphere. (c) Anomalous freshwater flux applied in the Northern
Hemisphere. Solid line corresponds to the temporal derivative of the global ice volume
and used in experiment labelled by ‘‘0.20’’, dashed line corresponds to the freshwater
forcing used in experiments labelled by ‘‘0.15’’ and thin line corresponds to the
experiments labelled by ‘‘0.10’’.
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of different paleoclimate records, could lead or lag the global ice
volume considerably, depending on the location.

2. Method

For this study the Earth system model of intermediate
complexity CLIMBER-2 (Petoukhov et al., 2000) was used. The
model consists of a 2.5-dimensional statistical-dynamical atmo-
sphere model, a land surface module, a dynamical vegetation
model and a zonally-averaged, three-basin ocean model, which
also includes a sea ice component. Atmospheric, land surface and
vegetation components have spatial resolutions of 51� �10�, and
the ocean component has a meridional resolution of 2.5� and 21
unevenly distributed layers. The model explicitly accounts for all
major climate feedbacks (water vapor, lapse rate, cloud, albedo) and
does not employ any type of flux correction. The CLIMBER-2
dynamical ice sheet component was not used in the present study.
Instead, the temporal evolution of the ice sheet distribution was
prescribed, and expressed in terms of the fraction of each model
grid cell covered by ice and its elevation. The dynamical vegetation
model (Brovkin et al., 2002) was active and hence the climate-
vegetation feedback was explicitly accounted for in all experiments.

In this study we make use of the CLIMBER-2 oxygen-18 module
as an additional step towards a tighter data-model comparison. The
module used here is identical to that developed by Roche et al.
(2004a). It includes the effect of large-scale transport and frac-
tionation of 18O in the atmosphere from evaporation at the
atmospheredocean boundary to precipitation as rain or snow.
Accounting for 18O in the river runoff enables us to close the
atmospheric–isotopic water budget. Additionally, 18O is transported
in the ocean, following advection and mixing of the water masses. It
is assumed that there is no large-scale storage of 18O in sea ice. The
oxygen-18 module has already been validated under present-day
boundary conditions (Roche et al., 2004a) and used in several
palaeoclimate studies (e.g., Roche et al., 2004b). As we compute
both the oceanic temperature and d18O evolutions, we are able to
simulate d18O of the calcite from standard linear relationships
(Shackleton, 1974).

The CLIMBER-2 model has been used in different configurations
for a variety of studies of past and future climate changes.
Comparison of model simulations with observational and paleo-
climate data, and the results of state-of-the-art coupled GCMs,
shows that in spite of a coarse spatial resolution and considerable
simplifications in treatment of many processes in the climate
system, the CLIMBER-2 model has reasonable skill in simulating the
climate system response to different forcings on global and conti-
nental scales (Ganopolski et al., 2001; Petoukhov et al., 2005).
CLIMBER-2 has a climate sensitivity of 2.7 �C to a doubling of CO2

concentration, which is close to the middle of the IPCC range and its
sensitivity to anomalous freshwater forcing is within the range of
coupled GCMs and models of intermediate complexity employing
3-D ocean components (Rahmstorf et al., 2005; Stouffer et al.,
2006).

Since the aim of this work is to study the nature of lead–lag
relationships between climate forcings and climate responses
during the glacial–interglacial transitions, we are only concerned
here with the part of the glacial cycle which encompasses the
glacial termination, the interglacial and the glacial inception. For
the sake of simplicity in the interpretation of modeling results,
we intentionally employed a rather schematic (generic) scenario
for the temporal evolution of the principal climate forcings
during the glacial–interglacial transitions instead of using real
paleoclimatological data for any specific glacial cycle. Moreover,
the latter would only be possible with sufficient accuracy for the
last glacial termination. At the same time, as is shown below, the
simulations performed with these rather schematic scenarios
capture a number of important features seen in the paleoclimate
records.

We consider three major forcings relevant to the glacial–
interglacial transitions: greenhouse gases concentration, ice
sheets and orbital forcing. Since CO2 is by far the most important
greenhouse gas during glacial–interglacial changes, we consider
changes in CO2 concentration only. We applied a very simple
scenario for the atmospheric CO2 concentration: a linear growth
during the glacial termination, a constant value during the inter-
glacial state and a linear decrease during the glacial inception
(Fig. 2).

The second set of forcings is related to the waning and waxing of
the Northern Hemisphere ice sheets. For simplicity, changes in the
area and elevation of the Antarctic Ice Sheet were ignored in our
study except for the changes in elevation associated with the global
sea level variations. We prescribed temporal evolution of the
Northern Hemisphere ice volume to be identical in shape to that of
CO2 concentration, i.e., when appropriately scaled, the CO2

concentration and the ice volume graphs are identical (Fig. 2).
Hereafter, we will refer to both of these forcings as the ‘‘generic
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forcing’’ (GF). The direct implication of this setup is that there is no
prescribed lead or lag between CO2 and ice volume variations.

Changes in the ice volume directly affect climate via changes in
sea level, ocean area, surface albedo, elevation, and freshwater flux
into the ocean associated with melting of the ice sheets and iceberg
calving. The effect of sea level change on land surface temperature
is explicitly accounted for in the CLIMBER-2 model. The effect
related to the reduction of ocean area during glacial time was
neglected in our simulations, i.e., land/ocean distribution was held
constant in all experiments. The other three effects of the ice sheets
on climate, namely, via changes of the surface albedo, ice sheet
elevation and anomalous freshwater flux into the ocean, are also
related to the total ice volume but in a more complex manner. Since
CLIMBER-2 is a geographically explicit model, the total ice volume
should be distributed over a number of grid cells. Spatial distribu-
tion and elevation of the ice sheets at the glacial maximum (i.e.,
before the termination) was taken to be the same as in our previous
simulations of the Last Glacial Maximum (e.g., Ganopolski et al.,
1998). We also assumed that the area of the Northern Hemisphere
ice sheets is proportional to the power 2/3 of the ice volume.
Assuming in addition that bedrock depression under the ice sheet is
equal to 1/3 of the ice sheet thickness, a rather simplistic scenario
for the retreat of the ice sheets during the termination and the ice
sheets advance during the glacial inception was constructed.

The global anomalous freshwater flux into the ocean due to
growth or decay of the ice sheets is equal to the temporal derivative
of the global ice volume. This flux, however, must be distributed
regionally. Here we assume that the whole freshwater flux associ-
ated with melting of the ice sheets during the glacial termination is
uniformly distributed in the North Atlantic between 50 and 70�N,
whilst during the ice sheets’ growth, 2/3 of the anomalous (nega-
tive) flux was extracted from the same area of the Northern Atlantic
and the rest from the Northern Pacific. This anomalous freshwater
flux was added to that simulated by the climate model as a sum of
precipitation, evaporation and runoff. Note that the freshwater flux
in the climate model is computed on the assumption that the ice
sheets are in equilibrium, i.e., the total freshwater flux into the
ocean equals zero.

The so-called ‘‘orbital forcing’’ determined by the Earth’s orbital
parameters was held constant in all but two experiments. In these
two experiments (CIO.20 and CIO.10, see Table 1) the orbital
parameters (eccentricity, precession and obliquity) varied in time
the same way as during penultimate glacial–interglacial–glacial
transition MIS6–5 (exp. CIO.20) or during the last termination and
Holocene (exp. CIO.1). The last experiment also differs from others
by its shorter duration.

For the interpretation of modeling results, it is important to note
that all forcings in our experiments were either applied solely in the
Northern Hemisphere (ice sheets, freshwater flux) or were
Table 1
Experimental setup.

Experiment Ice sheets and
sea level

Maximum freshwater
flux during glacial
termination

Orbital forcing

C Constant PD 0 Constant PD
0 Constant PD 0 146–111 ka BP
CI.10 Time-dependent 0.1 Sv Constant PD
CI.15 Time-dependent 0.15 Sv Constant PD
CI.20 Time-dependent 0.2 Sv Constant PD
CI.20D Time-dependent

(ice volume lags
CO2 by 2000 years)

0.2 Sv Constant PD

CIO.10 Time-dependent 0.1 Sv 22–0 ka BP
CIO.20 Time-dependent 0.2 Sv 146–111 ka BP
approximately hemispherically symmetric, such as radiative
forcing of CO2, sea level and obliquity induced changes in annual
insolation. The only hemispherically asymmetric forcing is the
precessional component of the orbital forcing. Since precessional
variations do not affect annual insolation, this component of the
orbital forcing has little effect on annual temperature in the
Southern Hemisphere. It produces a stronger effect on the annual
temperature in the Northern Hemisphere via the vegetation feed-
back (e.g., Claussen et al., 2006), but it is still rather small compared
to other climate forcings. Thereby, the Southern Hemisphere
temperature lead over the Northern Hemisphere is not included
into prescribed forcings. As will be shown below, the ‘‘southern
lead’’ results from the complex response of the Southern Hemi-
sphere to the Northern Hemisphere and hemispherically
symmetric forcings.

All experiments were performed using as initial climate condi-
tions the equilibrium climate state corresponding to the fixed
boundary conditions prior to the glacial–interglacial transition.
Note that these boundary conditions were different in different
experiments. To obtain an equilibrium state, the model was run for
5000 years with a constant CO2 concentration, ice sheets, zero
anomalous freshwater flux and constant orbital configuration (see
Table 1). The model was then run for 35,000 years using different
sets of climate forcings. The onset of the G–I transition corresponds
to the model year 3000, but for convenience in all figures,
3000 years offset is introduced on time axes such that the timing of
the beginning of glacial–interglacial transition corresponds to ‘‘0’’
and the end of the interglacial–glacial transition corresponds to the
year 25,000.

Below we will primarily analyze annual mean temperature
change in the Eastern Antarctic sector (hereafter called ‘‘Antarctic
temperature’’) and in the grid cell covering the North Atlantic
sector between 60 and 70�N (hereafter called the ‘‘Greenland
temperature’’). The leads and lags between these two temperatures
and GF were determined by two different methods, which are
widely used in paleoclimatology. In the first one, the leads (lags)
were determined as the difference between the timing of midpoint
of deglacial climate change and the timing of midpoint of GF change
during glacial termination which corresponds to the year 4000
(Fig. 2). The midpoint for temperature was determined as the
timing of warming by one half of the difference between the
temperature prior to the termination and the maximum tempera-
ture reached after the termination. In the second method the leads
(lags) were determined as the time offset between GF and
temperature which gives the maximum correlation between GF
and temperature during the whole glacial–interglacial–glacial
transitions, i.e., during the time interval from 0 to 25,000 years.

3. Equilibrium climate response to climate forcings
associated with glacial–interglacial transitions

In this work we consider four principal forcings which deter-
mine climate change during glacial–interglacial transitions: the
waning and waxing of the Northern Hemisphere ice sheets,
anomalous freshwater flux associated with changes in the ice sheet
volume, changes in the atmospheric CO2 concentration and orbital
forcing. In this section, we analyze the role of individual forcings by
studying equilibrium response of the climate system to individual
forcing. This analysis is similar to the factor analysis performed in
Ganopolski (2003) except that here, we consider vegetation
changes as a feedback rather than individual forcing.

Fig. 3a shows the equilibrium response of annual mean surface
air temperatures to the lowering of CO2 from 280 to 180 ppm for
the interglacial boundary conditions, i.e., without Northern Hemi-
sphere continental ice sheets. Similar to numerous previous
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studies, it shows a relatively zonal and hemispherically symmetric
cooling with pronounced polar amplification of the response.
The response to CO2 changes for glacial conditions, i.e., for the
maximum ice sheet extent, is rather similar (not shown). In both
cases, globally averaged temperature is lowered by about 2 �C, and
in the high latitudes of both hemispheres by about 3–4 �C.

Fig. 3b shows the equilibrium response of annual mean surface
air temperatures to imposed changes in the ice sheet extent in the
Northern Hemisphere and global change in land elevation due to
sea level drop. The prescribed Northern Hemisphere ice sheets
correspond to the global sea level drop by 100 m, which is equiv-
alent to the rise of land above sea level by the same 100 m. The
latter results in the temperature drop over land even without any
additional forcings. In a separate experiment (not shown), we
found that a uniform increase of land elevation by 100 m results in
temperature drop over Antarctica by ca 0.5 �C which is close to
what one can expect from the lapse rate effect, although, in general,
a

c

e

Fig. 3. Mean annual equilibrium surface air temperature response to: (a) lowering of CO2 co
change; (c) shutdown of the AMOC under present-day climate conditions; (d) shutdown
difference between obliquity angles 3 ¼ 24� and 3 ¼ 22.5�); and (f) maximum precessional
the magnitude of temperature response over the continents can
deviate considerably from this figure. As is seen in Fig. 3b, the
largest cooling due to imposed ice sheets occurs over the ice sheets,
where a strong elevation effect (due to elevation rise by several
kilometers), combined with changes in surface albedo, cause
cooling by up to 20 �C. The strong cooling extends well beyond the
area of imposed ice sheets, but rapidly diminished towards equator.
However, in the high latitudes of the Southern Hemisphere, the
cooling increases considerably and exceeds 2 �C over Antarctica.
Since no change in surface albedo is directly prescribed in the
Southern Hemisphere and, as was discussed above, changes in
surface elevation due to sea level drop can explain only 0.5 �C, this
strong cooling can only be attributed to the interhemispheric tel-
econnections. Analysis of the climate system energetics show that
changes in atmospheric transport contribute a small amount to the
cooling of the Southern Hemisphere, while an increase of the
Atlantic meridional heat transport (by about 0.2 PW at the Equator)
b

d

f

ncentration from 280 to 180 ppm; (b) imposing of the glacial ice sheets and orography
of AMOC under glacial climate conditions; (e) maximum obliquity changes (i.e., the
change (i.e., ‘‘warm’’ minus ‘‘cold’’ orbit).
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plays the major role. Since the rate of overturning circulation
increases insignificantly with the imposed ice sheets, in compar-
ison with interglacial state, the intensification of northward heat
transport must be attributed to changes in the vertical temperature
structure. Indeed, the meridional oceanic heat transport due to the
overturning circulation is proportional to the strength of the
overturning and the temperature difference between the upper and
the lower branches of the overturning circulation. Imposed ice
sheets cause a pronounced cooling of the lower branch of the
circulation (NADW), whilst the temperature of the upper branch
outside of the high latitudes of the Northern Hemisphere is much
less affected. As a result, the temperature difference between the
upper and the lower branches increases by ca 20% which causes
a similar increase in the interhemispheric heat transport. Therefore,
the Northern Hemisphere cooling, directly imposed via changes in
surface albedo, causes a symmetric response (i.e., cooling) in the
Southern Hemisphere via changes in the oceanic heat transport.
Note that this effect is opposite to the well-known interhemi-
spheric seesaw mechanism when the Northern Hemisphere cool-
ing, resulting from the weakening of the meridional overturning
circulation, is accompanied by a Southern Hemisphere warming. It
will be argued below that the first mechanism contributes to the
bipolar response during the onset of the glacial state, while the
latter plays an important role during the glacial termination.

Imposing a constant freshwater flux into the Northern Atlantic
with a magnitude corresponding to the melting rate of the
Northern Hemisphere ice sheets during deglaciation, i.e., 0.2 Sv,
leads to an almost complete shutdown of the AMOC both under
present-day and glacial conditions. However, the temperature
response in the Northern Hemisphere differs considerably between
these two experiments (Figs. 3c,d), which is in-line with
our previous findings (Ganopolski et al., 2001; Ganopolski and
Rahmstorf, 2001). The main difference is that in the glacial climate
state, the Northern Hemisphere cooling in response to shutdown of
the AMOC is weaker and the maximum cooling is located consid-
erably more southward compared to the interglacial state. This is
explained by a smaller Atlantic northward transport from middle to
high latitudes under the glacial climate state. The pronounced
warming over the South Atlantic and Southern Ocean is explained
by the interhemispheric seesaw mechanism (Crowley, 1992). It is
important to note that Figs. 3c,d represent equilibrium temperature
response to the complete shutdown of AMOC. The transient
response differs considerably between the two hemispheres – the
cooling of the Northern Atlantic in response to the shutdown of the
AMOC occurs on decadal time scale while warming over
the Southern Ocean and Antarctica develops much slower and
reaches an equilibrium only after several thousand years.

To clarify the role of orbital forcing in the bipolar temperature
variations during glacial–interglacial transitions, we performed two
pairs of equilibrium sensitivity experiments in which we change
only one of two major components of the orbital forcing – climatic
precession and obliquity. The Earth’s eccentricity in all these
experiments was kept constant at the value of 0.05 corresponding to
its value during MIS5e and which is close to the maximum value of
excentricity. In the first pair of experiments we prescribed two
different obliquity values of 22.5� and 24�, which are close to the
minimum and the maximum values of obliquity, respectively. Due to
the fact that variations in obliquity have a relatively constant
amplitude, simulated changes are representative for any obliquity
cycle during Quaternary. As shown in Fig. 3e, an increase of obliquity
leads to widespread annual warming, with the strongest warming in
high latitudes of both hemispheres. This is explained by the fact that
under the high obliquity, annual mean insolation at the poles is up to
20 W/m2 higher than for the low obliquity. This increase in insola-
tion in high latitudes is compensated by the lowering of insolation in
low latitudes and globally averaged insolation remains unaffected
by obliquity changes. However, due to stronger climate feedbacks
operating in the high latitudes, the effect of obliquity on the global
mean temperature is not cancelled and the globally averaged SAT is
higher by 0.5 �C for the high obliquity. Still, changes at the higher
latitudes are much larger, the annual temperature over Antarctica
being about 1.5 �C higher in the experiment with high obliquity.
Interestingly enough, this figure is consistent with the results of
early work by Harvey (1989).

Since obliquity directly affects annual mean insolation, annual
SAT response to obliquity change can be explained in the first
approximation as a linear climate response. To the contrary, while
changes in precessional angle strongly affect insolation in different
seasons, they do not affect the annual mean insolation. Therefore,
change in annual SAT resulting from variations of precession can
only be explained by a non-linear response in the Earth system. To
better comprehend the climate response to a change in precession,
we performed two experiments with the same value of obliquity
(held at 23�) and precessional angles set at �90� and 90�. The
former corresponds to the orbital configuration where the summer
equinox coincides with perihelion and, hence, to the maximum
summer insolation in the Northern Hemisphere, commonly
referred to as ‘‘warm orbit’’. The latter corresponds to the orbital
configuration when summer equinox coincides with aphelion and,
hence, minimum summer insolation in the Northern Hemisphere
(‘‘cold orbit’’). As shown in Fig. 3f, this non-linear response is of
comparable magnitude with that obtained for obliquity variations.
Part of this response is attributed to the vegetation feedback, as
discussed in Claussen et al. (2006). However, this mechanism can
not explain why the Antarctic temperature is higher (by about
0.5 �C) for the ‘‘warm orbit’’ since summer insolation is at
minimum in the Southern Hemisphere for this orbital configura-
tion. A set of additional experiments (not shown here) reveals that
approximately half of this warming results from a non-linear local
temperature response to the insolation changes whilst another half
is due to change in the interhemispheric oceanic heat transport.
Therefore, our results agree qualitatively with the recent work by
Huybers and Denton (2008), who argued that the synchronous
bipolar response to precessional variations results from local
Antarctic temperature response to seasonal insolation changes.

4. Transient simulations of glacial–interglacial–glacial
transitions

4.1. GHGs only experiment

To better understand the role of the different climate forcings
during glacial–interglacial transition we performed a set of exper-
iments adding one forcing after another. We start our analysis from
an experiment where only the atmospheric CO2 concentration
varies while the interglacial distribution of the ice sheets and orbital
parameters are kept constant (experiment C). Results of this
experiment are shown in Fig. 4. The magnitude of glacial–inter-
glacial temperature changes in Antarctica is about 4.5 �C, i.e., half of
the range of observed glacial–interglacial Antarctic temperature
variations (Jouzel et al., 2003). When applying midpoint criteria,
a time lead of Antarctic temperature over GF of about 200 years is
found (Table 2). This fact is surprising at first glance, as one would
expect a lag of the Antarctic temperature because of a long response
time of the Southern Hemisphere temperature. The explanation of
this fact is, however, rather straightforward: the radiative forcing of
CO2 is proportional not to the concentration but to the logarithm of
CO2 concentration (dashed line in Fig. 4b). Thereby during the CO2

rise, its radiative forcing leads the concentration and lags it during
the CO2 decrease. Hence, as one should expect, Antarctic
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Fig. 4. Temporal evolution of the annual mean Antarctic temperature anomalies (black
line) compared to arbitrarily scaled GF (grey line) in the experiment C during the
whole experiment (a) and during the glacial termination (b). In panel (b), the Antarctic
temperature is normalized the same way as GF and the dashed line shows normalized
radiative forcing of CO2.
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temperature lags behind radiative forcing but leads GF during the
glacial–interglacial transitions. If, however, the phase relationship is
determined for the whole glacial–interglacial–glacial transition
using the maximum correlation method, then GF leads temperature
by about 800 years which is explained by a considerable lag of
temperature during the glacial inception and a difference in the
shape of the Antarctic temperature and GF.

4.2. Effect of the ice sheets and freshwater forcing

Changes in the ice sheet distribution, global sea level and
associated freshwater flux are added to the CO2 variations in Exp.
CI.20. The last number in the experiment acronym refers to the
maximum anomalous freshwater flux during the glacial
Table 2
Leads/lags between Antarctic and Greenland temperatures and the generic forcing
during glacial termination and complete glacial–interglacial transitions computed
using the ‘‘midpoint’’ and the maximum correlation methods.

Experiment Antarctic temperature lead
(lag) in years

Greenland temperature
lead (lag) in years

Termination
midpoint

Max
correlation

Termination
midpoint

Max
correlation

C 200 �800 350 �510
CI.20 1340 1650 �3120 �1810
CIO.20 940 2330 �2930 �1140
CI.20D 230 820 �2950 �3030
CI.15 1410 1230 �1350 �1430
CI.10 300 1550 460 �10
CIO.10 280 – 450 –
termination, which is equal to 0.2 Sv (1 Sv ¼ 106 m3/s) in this
experiment (Fig. 2). Orbital forcing was again kept constant.
Introducing an additional 0.2 Sv of freshwater flux into the
northern North Atlantic during glacial termination leads to a nearly
complete shutdown of the AMOC during the whole glacial termi-
nation (Fig. 5c). Only after a decrease of anomalous freshwater flux
does the AMOC abruptly recover. The weakening of the AMOC leads
to a reduction in the cross-equatorial northward oceanic heat
transport by about 0.5 PW (1 PW ¼ 1015 W) that implies an equal
energy gain for the Southern Hemisphere, causing an additional
warming there due to the ‘‘interhemispheric seesaw’’ mechanism.
Changes in the interhemispheric ocean heat transport closely fol-
lowed the strength of the AMOC except for the period of the AMOC
overshoot at the end of the glacial termination. This additional
Southern Hemispheric warming due to the reduction of the inter-
hemispheric energy transport, added on top of an almost linear
warming trend caused by CO2 and sea level rise, explains
a considerable Antarctic temperature lead over GF. Indeed, both
methods for lead/lag determination give more than 1000 years
Antarctic temperature lead over GF in experiment CI.20 (Table 2).
Apart from a more abrupt warming, Antarctic temperature
response is also characterized by a considerable overshoot above its
Fig. 5. Temporal evolution of annual mean climate characteristics in the experiment
CI.2. (a) Antarctic temperature anomalies and (b) Greenland temperature anomalies
(black lines) compared to arbitrarily scaled GF (grey line). (c) Maximum of the AMOC
(dashed line) and cross-equatorial northward oceanic heat transport (solid line).
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Fig. 6. Annual mean surface air temperature differences in �C in the experiment CI.2
between (a) equilibrium glacial and interglacial states; (b) between midpoint of the
glacial termination and the interglacial state; and (c) the ratio between the tempera-
ture rise at the midpoint of termination and interglacial to glacial temperature
difference.
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Fig. 7. Comparison of three experiments which differ only by the rate of freshwater
flux during glacial termination: CI.20 (thin solid line), CI.15 (dashed line), CI.10 (thick
solid line). (a) Antarctic temperature anomalies and (b) Greenland temperature
anomalies compared to arbitrarily scaled GF (grey line). (c) Maximum of AMOC.
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equilibrium interglacial value by nearly 2 �C (Fig. 5a). The magni-
tude of the overshoot is similar to the equilibrium Antarctic
temperature response to a complete shutdown of the AMOC in the
CLIMBER-2 model water hosing experiment described in previous
section. As soon as the AMOC resumes, the Antarctic temperature
drops to its equilibrium interglacial value with a typical time scale
of about 1000 years.

During the glacial inception in experiment CI.20, the normalized
Antarctic temperature follows GF more closely than in experiment
C and Antarctic cooling in CI.20 exceeds the cooling in experiment C
by more than 1 �C during the glacial inception. Since only 0.3 �C of
this additional cooling can be directly attributed to the effect of sea
level drop and since no additional forcings have been applied to the
Southern Hemisphere in this experiment compared to experiment
C, the origin of this additional cooling must be related to changes in
the Northern Hemisphere. As was discussed in the previous section,
most of this additional cooling in the Southern Hemisphere is
explained by an increase of the ocean heat transport, caused by
a cooling produced by the Northern Hemisphere ice sheets. As is
shown in Fig. 5c, during glacial inception, the interhemispheric
Atlantic heat transport increased by 0.1 PW causing additional
cooling in the Southern Hemisphere. Two factors contribute to this
increase in interhemispheric ocean heat transport. The first is
related to a modest intensification of the AMOC, attributed to the
cooling and increased salinity of the North Atlantic deep water
(NADW) during glacial inception, which enhances the meridional
density gradient across the Atlantic Ocean. Another factor, as was
discussed in the previous section, is related to the increased
temperature difference between the upper and the lower branches
of AMOC.

As seen in Fig. 5b, the temporal dynamics of the Greenland
temperature in experiment CI.20 differ considerably from that for
the Antarctic temperature. The shutdown of the AMOC during the
glacial termination causes a pronounced cooling, which delays
warming in Greenland during the glacial termination. Only after
a complete recovery of the AMOC does the Greenland temperature
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Fig. 8. Temporal evolution of annual mean climate characteristics in the experiment
CI.20D where ice volume lags CO2 during glacial termination by 2000 years. (a)
Antarctic temperature anomalies and (b) Greenland temperature anomalies (black
lines) compared to arbitrarily scaled CO2 (solid grey line) and ice volume (dashed grey
line). (c) Maximum of the AMOC (dashed line) and cross-equatorial northward oceanic
heat transport (solid line).
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Fig. 9. Temporal evolution of annual mean climate characteristics in the experiment O
where Earth’s orbital parameters vary in time the same way as it was between 140 and
105 ka BP. All other boundary conditions are fixed and correspond to interglacial state.
(a) Antarctic temperature anomalies and (b) Greenland temperature anomalies.
Dashed lines in (a) represent annual mean insolation at 75�S and in (b) maximum
summer insolation at 65�N.

A. Ganopolski, D.M. Roche / Quaternary Science Reviews 28 (2009) 3361–3378 3369
reach its interglacial value, with a small overshoot. As a result, the
Greenland temperature lags GF by 1000–2000 years depending on
the methods used to determine leads and lags (Table 2). Thereby, if
considering CO2 concentration and global ice volume as the only
climate forcings during glacial–interglacial–glacial transitions, one
should conclude that the Antarctic temperature leads all climate
forcings and the Greenland temperature lags all forcings, although
the forcings are either applied only in the Northern Hemisphere
(ice sheets and freshwater flux) or approximately hemispherically
symmetric (CO2).

Fig. 6 gives a global picture of the glacial–interglacial tempera-
ture change in experiment CI.20. It shows that at the midpoint of
the deglaciation (i.e., at the model year 4000), the temperature in
high latitudes of the Southern Hemisphere has risen by 80–90% of
its glacial–interglacial difference, whilst in the Northern Hemi-
sphere and, especially over the northern North Atlantic, the
temperature remains close to its glacial value. This spatial-temporal
dynamic of temperature change during the glacial termination is
often referred to as the ‘‘early deglaciation’’ of the Southern
Hemisphere and is sometimes interpreted as an indication of the
leading role of the Southern Hemisphere in the termination of the
glacial cycles. Although the study of the mechanisms responsible
for the glacial cycles is beyond the scope of this paper, it is
important to note that in our experiment, the early warming of the
Southern Hemisphere is solely explained by changes in the inter-
hemispheric ocean heat transport forced by deglaciation of the
Northern Hemisphere.

4.3. Sensitivity to the magnitude and the timing of freshwater
forcing during glacial termination

Numerous experiments performed with climate models of
different complexity demonstrate that the AMOC is sensitive to
changes in freshwater flux into the Atlantic Ocean. However, it is
also known that the models differ considerably in their sensitivity
to changes in freshwater flux (e.g., Rahmstorf et al., 2005; Stouffer
et al., 2006). On the other hand, it is also likely that although the
maximum ice volume prior to the glacial terminations was similar
during last several glacial cycles, the duration of the glacial termi-
nations, and therefore the rate of meltwater discharge, differed
considerably. Therefore, it is natural to explore the sensitivity of
modeling results to the rate of freshwater discharge during glacial
termination. To this end, we performed two additional experi-
ments, CI.15 and CI.10, which are identical to CI.20 except that
freshwater flux during the glacial termination in these experiments
was set to 0.15 and 0.1 Sv, respectively (Fig. 2c). These experiments
could be considered as attempts to mimic models with a weaker
sensitivity to the freshwater forcing or, alternatively, a longer
duration of the glacial termination. In the latter case, it would also
be natural to increase the duration of glacial termination to make it
consistent with a weaker freshwater forcing. This option was tested
and gives essentially the same results as the experiments where
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Fig. 10. The same as Fig. 5 but for the experiment CIO.20.
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only the freshwater forcing was changed. Therefore, for the sake of
simplicity and to make a comparison of different experiments more
straightforward, here we present the simplest modeling setup,
where experiments differ only by the magnitude of freshwater
forcing during the glacial termination.

As is seen in Fig. 7, there is no qualitative difference between
experiments CI.20 and CI.15, although a weakening of the AMOC is
more modest in the latter and, as a result, the overshoot of Antarctic
temperature is somewhat smaller. In both experiments, the AMOC
recovers abruptly only at the end of the glacial termination. In both
experiments, the Antarctic temperature leads and the Greenland
temperature lags GF considerably. The situation is different in
experiment CI.10, where the AMOC already recovered around the
mid point of the glacial terminations, which causes an abrupt
warming of the Greenland temperature and a temporary cooling of
the Antarctic temperature resembling the so-called ‘‘Antarctic Cold
Reversal’’ observed during Termination I. The abrupt increase of the
AMOC around the midpoint of the termination in experiment CI.10
represents the transition from the ‘‘cold’’ (stadial) mode of the
Atlantic thermohaline circulation to the ‘‘warm’’ (interstadial) mode
and has the same mechanisms as the onset of Dansgaard–Oeschger
events simulated by Ganopolski and Rahmstorf (2001). It is impor-
tant to note, however, that unlike simulated abrupt climate changes
by Ganopolski and Rahmstorf (2001), the transition from the ‘‘cold’’
to the ‘‘warm’’ mode of the AMOC in experiment CI.10 is caused not
by a change in freshwater flux, but by gradual global warming. As
was argued by Ganopolski and Rahmstorf (2001) and supported by
modeling results of Knorr and Lohmann (2007), as the climate
warms, the ‘‘warm’’ mode of the AMOC becomes more stable and the
‘‘cold’’ mode becomes less stable. As experiment CI.10 shows, the
transition from the ‘‘cold’’ to the ‘‘warm’’ mode of the Atlantic
thermohaline circulation can occur as a result of global warming,
even in the presence of sustained deglacial meltwater flux. If,
however, this flux is sufficiently large, the recovery of the AMOC
occurs only after the cessation of this flux. Comparison of these three
experiments shows that climate change during the glacial termi-
nation is sensitive to the rate of deglaciation. Despite differences in
temporal dynamics, the Antarctic temperature leads GF and hence
the CO2 concentration in all three experiments (Table 2).

In the previous experiments we assumed that the ice volume
and CO2 concentration have precisely the same temporal dynamics
during the glacial termination, i.e., they start to decrease (rise)
simultaneously and linearly till reaching the interglacial (glacial)
level. The natural question is how crucial this assumption is for the
simulated Antarctic temperature lead over CO2 or, in other words,
how robust are our findings, given existing uncertainties in the
dating of the principal climate forcings during glacial terminations?
Paleoclimate reconstructions for Termination I clearly show that
sea level started to rise almost simultaneously with CO2 concen-
tration (Clark et al., 2004). However, using the midpoint of transi-
tion, or maximum correlation criteria, for the whole glacial
termination, CO2 leads ice volume by several thousand years. It is
unknown whether a similar relationship took place for the earlier
terminations, but to assess the robustness of our finding, we con-
structed an additional scenario (CI.20D) which differs from the
original only through the ice volume dynamics during the glacial
termination (Fig. 8). In this experiment, the ice volume starts to rise
simultaneously with CO2 concentration, but at the beginning it
grows slower than CO2 concentration and reaches its interglacial
level 2000 years after CO2. As a result, the ice volume lags CO2 by ca
2000 years in this experiment. As shown in Fig. 8, the temporal
dynamics of the Antarctic and Greenland temperatures do not
differ much from experiment CI.02, except that the Antarctic
temperature at the beginning of the glacial termination rises
somewhat slower and reaches its maximum (overshoot) simulta-
neous with the end of ice sheets melting. Still, irrespective of the
criteria used, the Antarctic temperature leads CO2 in experiment
CI.20D by several hundred years and the Greenland temperature
lags behind all forcings considerably. Therefore, the Antarctic lead
over CO2 is robust within a certain range of scenarios for the climate
forcings.

4.4. The role of orbital forcing

Although it is believed that the main effect of orbital forcing on
climate during glacial cycles is to drive the Northern Hemisphere
ice sheets, even with the fixed ice sheets (e.g., for typical interglacial
conditions), orbital forcing produces a pronounced effect on the
annual mean temperature in the high latitudes of both hemi-
spheres. As shown in Section 3, the Southern Hemisphere annual
temperature is strongly affected by obliquity variations and, to
a smaller extent, by the precessional cycle, which is explained by
the fact that only obliquity affects annual mean insolation. The
reason why we consider orbital forcing here in the rather broad
context of glacial–interglacial transitions is that over essentially all
recent glacial–interglacial terminations, orbital forcing has had
a rather similar phase at the time of glacial termination and
inception (e.g., Ruddiman, 2003; Huybers and Wunsch, 2005).
Usually, glacial terminations have coincided with growing obliquity
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Fig. 11. Comparison of paleoclimate data (a) and (b) with modeling results (c) and (d). (a) Shows data for MIS5 (thick lines) and MIS7 (thin dashed lines), (b) for the Termination I
and Holocene. (c) Shows Exp. CIO.20 and (d) Exp. CIO.10. Blue lines show annual mean Antarctic temperature anomalies and red lines Greenland temperature. Greenland
temperature is absent in (a) and arbitrarily scaled in (b). In (a) and (b) green lines show atmospheric CO2 concentration and brown lines show CH4 concentration. In (c) and (d) grey
lines show prescribed CO2 concentration. Antarctic temperature, CO2 and CH4 are from EDC ice core on EDC3 time scale, Greenland temperature is from GISP-2 ice core.
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and climatic precession (i.e., higher Northern Hemisphere summer
insolation), whilst glacial inceptions occurred during periods of
decreasing obliquity and climatic precession. This is, of course, not
surprising if one accepts the Milankovitch theory, where both
precession and obliquity play an important role in driving glacial
cycles. On the other hand, a rather robust phase relationship
between orbital forcing and glacial–interglacial transitions may
contribute to a similarly robust phase relationship between
Antarctic temperature and CO2, which is one of the central issue of
the current study. We show below that this is indeed the case.

To better understand the transient response of the climate
system to orbital forcing we performed an additional experiment,
where we forced the climate with orbital variations only. In this
experiment (hereafter referred to as experiment O) we kept inter-
glacial boundary conditions, while the orbital parameters change
in the same way as in reality, between 146 and 111 ka BP. As shown
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Fig. 12. Simulated zonally-averaged difference in d18Ow (a, b) and d18Oc (c, d) between the glacial and the interglacial climate states in the Atlantic (a, c) and Pacific (b, d).
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in Fig. 9, both the Greenland and Antarctic temperatures respond
appreciably and in a rather similar manner to orbital forcing.
However, the Antarctic temperature follows obliquity variations
(i.e., mean annual insolation) more closely, while Greenland
temperature was more highly correlated with precessional varia-
tions (maximum summer insolation). The direct effect of orbital
forcing in the high latitudes of Southern Hemisphere is strongly
amplified by the sea ice-albedo feedback. Over the obliquity cycle,
the annual mean area of sea ice in the Southern Hemisphere varies
by about 10% and annual mean Antarctic temperature varies by
about 2 �C. Thereby, the effect of orbital variations on Antarctic
temperature is somewhat weaker, but still comparable with the
effect of glacial–interglacial CO2 variations. These results are fully
consistent with the Timmermann et al. (2009) who used a much
more detailed climate model of intermediate complexity.

To analyze the influence of orbital forcing on temperature
changes, in combination with other forcings, we performed two
additional experiments with realistic, time-dependent orbital
forcing corresponding to the last two glacial–interglacial transi-
tions. The first (experiment CIO.20) is identical to CI.20 except that
all orbital parameters during glacial–interglacial transition (i.e.,
from 0 to 35,000 model years) vary as during the interval of time
between 146 and 111 ka BP. The second experiment, CIO.10, was
intended to mimic Termination I and was identical to CI.10 except
that all orbital parameters vary as they varied during the last
20,000 years of Earth’s history and that this experiment was run
accordingly for 20,000 years only.

As is seen from comparison a of Figs. 5 and 10, the main effect of
orbital forcing is a pronounced cooling trend in the annual
Antarctic temperature during the whole interglacial period. As
a result, the Antarctic temperature drops by as much as 40% of its
maximum glacial–interglacial difference prior to the onset of the
Northern Hemisphere glaciation and the beginning of the CO2

decrease. With varying orbital forcing, the Antarctic temperature
clearly leads CO2 concentration both during the termination and
the glacial inception, and its lead over the whole glacial–interglacial
transition, as determined by the maximum correlation method,
exceeds 2000 years (Table 2). A similar, but less pronounced,
cooling trend is also seen in the Greenland temperature during the
interglacial state.

4.5. Comparison with paleoclimate records

Although this study uses rather schematic forcing scenarios,
which are not intended to accurately mimic any of the real glacial–
interglacial transitions, a comparison of model simulations with
paleoclimate data is nonetheless noteworthy and provides some
insight into the mechanisms of climate change during real past
glacial–interglacial transitions. Fig. 11 shows a comparison of
paleoclimate records for two earlier glacial–interglacial transitions
(Terminations II/MIS5 and IV/MIS9) and the last glacial–interglacial
transitions with the results of experiments CIO.20 and CIO.10,
respectively. For the earlier terminations, a detailed Greenland
temperature record does not exist and we used methane concen-
tration as a proxy for the Greenland temperature – justified, at least
to some extent, by a strong similarity between the Greenland
temperature and the methane concentration during the last glacial
cycle (Fig. 11b). Paleoclimate records of the MIS5 and MIS9 are
matched in time by the timing of abrupt increase in CH4 concen-
tration which also coincides with the maximum of Antarctic
temperature and CO2 concentration. The similarity between
temporal dynamics of the Antarctic temperature, CO2 and CH4
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Fig. 13. Time differences (in Kyr) between midpoint of glacial–interglacial transition of
d18Ow and midpoint of GF in the Atlantic (a) and Pacific (b). Positive values mean that
d18Ow leads GF.
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Fig. 14. Temporal evolution of d18Ow during glacial termination in the deep Atlantic
(30�N, 3000 m depth; solid line) and the deep Pacific (30�N, 3000 m depth; dashed
line). (a) Absolute values; and (b) values normalized by the glacial–interglacial
differences. Grey line shows normalized GF.
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concentrations during these two glacial–interglacial transitions is
rather indicative for the existence of common mechanisms. It is
noteworthy that the dynamics of the termination during MIS7 are
rather similar (not shown), but no stable interglacial state is seen in
the latter case. In particular, all three earlier terminations are
characterized by simultaneous ‘‘overshoots’’ in Antarctic tempera-
ture, CO2 and CH4 concentrations occurring at the end of termi-
nations. To the contrary, during the Termination I, the CH4

concentration increases abruptly at the early stage of the termi-
nation, simultaneous with the local maximum in the Antarctic
temperature, which is well below the interglacial value of the
Antarctic temperature.

While one should not expect one-to-one correspondence
between paleo data and model simulations in light of rather
schematic forcing scenarios and obvious limitations of the model
used for this study, there are a number of important similarities
between the model results and the paleo data. In particular,
a pronounced overshoot of the Antarctic temperature at the end of
Terminations II and IV and a cooling trend during the MIS5 and 9
interglacials seen in paleoclimate records are reproduced in
experiment CIO.20. Similar to the simulated Greenland tempera-
ture, the methane concentration rises slowly during most of
Terminations II and IV, and then increases abruptly at the end of the
glacial–interglacial transition, at the time when Antarctic temper-
ature reaches its maximum.
Similarity between Termination I and CIO.10 is less evident
because our model does not simulate the abrupt Younger Dryas
event. More realistic simulation of Termination I would require
a more sophisticated freshwater scenario but this is beyond the
scope of this schematic study. However, the model and paleo data
agree in an early recovery of the AMOC, which is associated with
the temporal reversal of the Antarctic temperature resembling an
‘‘Antarctic Cold Reversal’’ at around 14 ka BP. Besides, both model
and data do not show a strong Antarctic temperature overshoot at
the end of the last termination and both show a clear cooling trend
of the Antarctic and Greenland temperatures during the interglacial
(Holocene). Through the design of model experiments, in our
simulation, this cooling trend is solely attributed to orbital forcing,
primarily the decrease of obliquity which causes a decrease in
annual insolation at high latitudes in both hemispheres. It is
noteworthy that the maximum Antarctic temperature at the onset
of the interglacial state is about 2 �C higher in experiment CIO.20 as
compared to CIO.10. A similar difference in temperature is seen in
the reconstructed Antarctic temperature between Eemian inter-
glacial and Holocene. This difference is often interpreted as an
indication that the Eemian interglacial was globally much warmer
than the Holocene. In fact, at least in our experiments, considerably
warmer temperatures in CIO.20 are restricted to the Antarctic
realm, while for the rest of the world, the difference in annual
temperatures between these two interglacials is much smaller.

Our results suggest that the major differences in temperature
evolution, both in Greenland and Antarctica, during the last and
previous three terminations can be explained by the difference in
the timing of recovering the present-day mode of the AMOC.
Namely, in experiment CIO.20, which we consider as an analog for
the Terminations II and IV, the late recovery of the AMOC leads to
a strong overshoot of the Antarctic temperature and a strong
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Fig. 15. Temporal evolution of temperature (a, d), salinity (b, e), d18Ow (solid) and d18Oc (dashed) (c, f) during the glacial termination in the subtropical Atlantic (30�N, mixed layer,
left panel) and (30�N, 500 m depth, right panel). Grey lines show normalized GF.
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cooling trend during the whole interglacial. In experiment CIO.10
(an analog for the last termination), early recovery of the AMOC
causes the Antarctic cold reversal, but not a strong temperature
overshoot at the onset of the interglacial. As a result, the Antarctic
cooling trend during interglacial is much less pronounced in the
latter case. Available paleo data provide no clear evidence for B/A
– YD type of climate oscillations during Terminations II–IV. This is
consistent with a record from the Iberian margin (Martrat et al.,
2007), which indicates that establishment of the interglacial mode
of the AMOC during Termination II occurred at the end of the
glacial–interglacial transitions, while for Termination I, the situa-
tion was different and characterized by the reestablishment of the
deep Atlantic ventilation at an early stage of the deglaciation. All of
these facts support the notion that our experiment CIO.20 is
representative for the penultimate and, likely, for several early
terminations.

5. d18O response in the oceans to the glacial termination

In this section, we make use of the fact that the CLIMBER-2
model incorporates the description of the oxygen-18 cycle to
analyze the temporal dynamics of this widely used paleoclimate
tracer in the oceans during glacial–interglacial transitions. It is
well-known that the relative 18O concentration of the calcite of
foraminifera shells retrieved in marine sediment cores (hereafter
d18Oc) is controlled by local temperature, global ice volume changes
and by changes in the global hydrological cycle. In paleoclima-
tology, two classical approaches are used for reconstructing past
global ice volume and salinity.

The benthic d18Oc in deep sediment cores is usually considered
as a proxy for global ice volume and hence assumed to have similar
temporal dynamics in different locations. Indeed, compiling
benthic d18Oc in deep ocean locations is classically thought to
smooth the hydrological cycle signal, leaving the global ice volume
and the local temperature. Assuming that deep ocean temperature
is fairly homogeneous and close to the freezing point during glacial
times leaves only global ice volume as a meaningful signal. This in
turn justifies the use of benthic d18Oc for synchronization of
different marine records. Here we show that this series
of assumptions is not held – at least during glacial–interglacial
transitions – and that synchronization of different records via d18Oc

can lead to large absolute and relative dating errors.
The planktic d18Oc of foraminifera shells integrate a more local

signal not only with the global ice volume and the local tempera-
ture, but also with local and global changes in the hydrological cycle.
Knowing the global ice volume and being able to estimate the local
temperature (by means of foraminiferal species assemblages, Mg/
Ca, Alkenones, etc., techniques) leaves only the d18Ow (relative 18O
abundance in sea water) as a meaningful signal. Based on the
present-day measured spatial relationship between salinity and
d18Ow, one can estimate the changes in local salinity, a target of great
value for both data-model comparisons and physical understanding
of the dynamics of past ocean circulation. Such a method (Duplessy
et al., 1991) relies on the fact that the present-day spatial d18Ow –
salinity relationship is held through time, which is yet unknown. As
we simulate both salinity and d18Ow, we can address this question
for the glacial – interglacial cycles. We show hereafter, that the
variations of d18Ow and salinity are not coeval, and that the local
spatial d18Ow – salinity relationship is not maintained through time.

Simulation with the oxygen-18 cycle model discussed below
was performed using the same forcings as in experiment CI.20, but
was restricted to the glacial termination phase only. The reason for
that is that oxygen-18 cycle model used in this study does not
explicitly include ice sheets. This model limitation can be
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Fig. 16. Temporal evolution of temperature (a, d), salinity (b, e), d18Ow (solid) and d18Oc (dashed) (c, f) during the glacial termination in the midlatitude Atlantic (50�N, mixed layer,
left panel) and (50�N, 500 m depth, right panel). Grey lines show normalized GF.
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circumvented for the deglaciation phase if we assume that most of
anomalous 18O flux into the ocean during deglaciation was asso-
ciated with meltwater from the Northern Hemisphere ice sheets.
Similar to Roche et al. (2004b), we prescribed anomalous 18O flux
consistent with anomalous freshwater flux and applied it to the
same area assuming isotopic composition of glacial meltwater of
�30&. During periods of ice sheet growth, the situation is not
symmetric because anomalous freshwater flux originates from net
evaporation from different regions of the ocean and simulation of
18O in this case requires a much more complex modeling approach.

5.1. Deep ocean response

Figs. 12a–d show simulated d18Ow and d18Oc differences
between the glacial and interglacial states in the Atlantic and the
Pacific obtained in experiments with the oxygen-18 cycle model.
The globally averaged change in d18Ow is about 0.95&, which
corresponds to the implied 100 m sea level change between the
glacial and the interglacial climate states. Simulated changes in
d18Ow are rather uniform in the deep Pacific in our model, while the
structure is more complex in the Atlantic. In the upper part of the
Atlantic, differences in d18Ow are higher than the globally average,
while in the deep Atlantic, the d18Ow increase is smaller than the
global average. It is noteworthy that these changes are opposite to
what one would expect from a simple d18Ow – salinity relationship.
Indeed, in our simulations, deep Atlantic salinity increases in the
glacial state more than the averaged increase (1&) whilst NADW
water masses become relatively fresher (see Brovkin et al. (2007)
for details). The explanation of this apparent contradiction lies in
the fact that increased salinity of the glacial AABW is related to
enhanced sea ice formation and brine rejection around Antarctica,
a process which increases salinity of deep water masses but barely
modifies their d18Ow. As a result, d18Ow in the AABW remains lower
than that in the glacial NADW and a substitution of the latter by the
former in the deep Atlantic under glacial conditions leads to
a relative decrease in d18Ow here. At the same time, a southward
shift of NADW formation area leads to a relative increase of d18Ow in
the NADW during the glacial state.

Glacial–interglacial temperature changes explain more than one
third of the d18Oc change (Figs. 12c,d) in our simulations. In the
current version of the CLIMBER-2 model, the deep ocean glacial
temperature is lower than that of the interglacial by 2–3 �C (Brovkin
et al., 2007), which is in a better agreement with paleoceanographic
data than it was an the earlier version of the CLIMBER-2 model used
by Roche et al. (2004a). As a result, the d18Oc distribution in the deep
ocean is also more consistent with the data. In particular, the glacial–
interglacial change of d18Oc in the deep Atlantic is within the range
1.6–1.8 &, and 1.5–1.6 & in the deep Pacific.

Fig.13 shows the timing of the midpoint of the glacial–interglacial
transition in d18Ow in the Atlantic and Pacific, as compared to the real
timing of the midpoint of GF transition. As is seen in the figures, the
midpoint in the d18Ow transition is reached in the deep Atlantic by up
to 2000 years earlier and in the Pacific by more than 1000 years later
than the midpoint of the GF. The delay in response of the deep Pacific
is obvious and is explained by the millennial time scale of the prop-
agation of the meltwater signal from the North Atlantic surface into
the deep Pacific. The cause of the apparent lead in the North Atlantic
is related to a stronger initial freshening of the Northern Atlantic, as
compared to that implied by the globally averaged salinity changes
during the glacial–interglacial transition. As a result, the deep Atlantic
d18Ow leads that of the deep Pacific by up to 3000 years. Interestingly
enough, Skinner and Shackleton (2005) found a similar time lag (ca



a

b

Fig. 17. Temporal evolution of the local d18Ow – salinity relationship in the surface
Atlantic at 30�N (a) and 50�N (b).
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4000 years) of the deep Pacific d18O record, as compared that of the
deep Atlantic. They correctly noted that this lag is too large to be
solely attributed to the long resident time of the deep Pacific water
masses and proposed that a part of this lag is attributed to different
rates of deglacial warming in the deep Atlantic and in the Pacific.
While it is likely that the latter factor also contributed to the Atlantic
lead, our results demonstrate that a considerably portion of the
observed 4000 year time lag of the Pacific compared to the Atlantic
can be explained by d18O in sea water, i.e., without an additional
temperature effect. Thus, irrespective of the role of deep ocean
temperature changes, our results support the Skinner and Shackleton
(2005) notion that the use of d18Oc for the synchronization of pale-
oceanographic records from different oceans could lead to a very
large dating error, comparable with the time scale of the glacial–
interglacial transitions. Additionally, the lead–lag relationship
between the deep Atlantic and the deep Pacific is not constant
through time as is shown in Fig. 14, where the time evolution of the
d18Ow is compared for both oceans. The maximum lag of the deep
Pacific is found, in our model, around the mid-transition point for our
scenario. Though the exact timing will depend on the subtlety of the
scenario used for the deglaciation, the w2500 years needed by the
deep Pacific to ‘‘catch up’’ with the deep Atlantic signal is probably
robust, being linked to the mixing time scale of the world ocean.

5.2. Upper ocean response

The temporal evolution of d18O in the upper ocean is even more
complicated. As is shown in Fig 13, d18Ow in most of the surface
Atlantic lags the GF considerably, except for in the high latitude
Atlantic. The reason for this, as seen from Fig. 15, is that the AMOC
shutdown during the glacial termination leads to an increase of
salinity in the tropics, which offsets the effect of the global salinity
decrease during deglaciation. Since the dynamics of surface salinity
and temperature are similar, the response of d18Ow and d18Oc

are similar as well (but do not follow the present-day local d18Ow

– salinity relationship, see hereafter). This is not the case for the
intermediate depths in the Atlantic. There, changes in salinity and
d18Ow are essentially the same as at the surface, but a strong
subsurface warming leads to a very different temporal evolution of
d18Ow and d18Oc. The former, as at the surface, lags the GF whilst the
latter leads the GF. Hence results of our simulations indicate that in
the subtropical North Atlantic, the planktic d18O signal (both in sea
water and calcite) lags the ice volume by several thousand years,
the benthic signal leads the global ice volume by up to several
thousand years, and the subsurface signal (for example, from the
deep dwelling planktic species) can both lead and lag the global ice
volume by several thousand years depending on the sign and the
magnitude of subsurface temperature response to a weakening or
complete shutdown of the AMOC. In the high latitude Atlantic, the
pattern is quite different for both the salinity and d18Ow, due to the
strong freshening of the surface from the large freshwater flux
during the deglaciation, as shown in Fig. 16. The evolutions of
temperature and of salinity (and d18Ow) are closely related to
a strong decrease at the beginning of the deglaciation and an
increase at the end. This leads to a simulated d18Oc almost perfectly
in phase with the GF, because the temperature and d18Ow variations
compensate each other almost perfectly (as can be found during
Heinrich events, see Roche and Paillard, 2005). At intermediate
depths, the ocean experiences a warming and a freshening
throughout the deglaciation. The temperature variations therefore
do not compensate for the d18Ow evolution there, causing d18Oc to
considerably lead the GF – by more than 2000 years.

As for the evolution of the d18Ow – salinity relationship on
glacial – interglacial timescales, we show the evolution of the slope
of the local spatial d18Ow – salinity relationship on Fig. 17. At high
latitude (50�N), the slope decreases during the deglaciation due to
the input of low d18Ow deglacial meltwater fluxes and the disrup-
tion of the AMOC. The slope then increases when the interglacial
circulation is established, returning to present-day like values. The
large variability of the local spatial d18Ow – salinity slope during the
deglaciation (by a factor of two) would imply errors of several per
mil on the reconstructed salinities, if it were considered invariant.
This is also true at lower latitude (30�N), where the slope of the
spatial d18Ow – salinity relationship increases by a factor of two
in our model during the deglaciation, due to a relative increase in
d18Ow with respect to salinity. While the d18Ow – salinity relation-
ship is known to be less reliable closer to the equator where the
local hydrological cycle may have a strong impact on the d18Ow but
not on salinity, this temporal evolution of the local spatial slope
seems to be quite robust in the model for the glacial period and the
deglaciation (but, as expected, with a lower correlation coefficient
for the interglacial). This certainly should be investigated further,
but already shows that great caution is needed when using d18Ow–
salinity relationships to infer past salinities.
6. Discussion and conclusions

Results of our simulations with generic scenarios for glacial–
interglacial transitions show that the observed millennial lead of
the Antarctic temperature over CO2 concentration can be explained
by the fact that, although CO2 concentration variation during glacial
cycles is the most important factor affecting the Antarctic
temperature, the other factors, such as changes in the oceanic heat
transport and orbital forcing, also play significant roles and they
have very different temporal dynamics compared to the CO2

concentration. Our experiments, although rather schematic,
reproduce a number of important features seen in the paleoclimate
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records, as well as the correct phase relationships between climate
forcings and temperatures. Our results clearly show that observed
changes can only be successfully reproduced if all major climate
forcings and processes are accounted for. As a result, a simple
interpretation of leads and lags as an indicator of causal relation-
ships in the climate system can lead to a false conclusion. In
summary,

1. Our results demonstrate that any attempt to use the observed
lead of the Antarctic temperature over CO2 concentration to
challenge the major role of greenhouse gases in driving climate
change is baseless. Indeed, in our simulations CO2 forcing alone
explains half of the glacial–interglacial temperature variations
in Antarctica and, nonetheless, the Antarctic temperature leads
the CO2 concentration significantly.

2. Our results illustrate a possible problem with using leads and
lags to establish a causal relationship between different
processes in the climate system. Indeed, if one would consider
CO2 concentration and the global ice volume as the sole climate
forcings during the glacial–interglacial transitions, then one
would come to a paradoxical conclusion that the Antarctic
temperature led all of its forcings. This apparent paradox is
resolved by taking into account the freshwater flux which, as
the temporal derivative of the global ice volume, has totally
different temporal dynamics compared with the global ice
volume. Such a simple example shows that the leads and lags
between different paleoclimate proxies do not provide direct
information about causal relationships in the climate system.

3. Our results show that the high correlation between the Antarctic
temperature and CO2 concentration and the phase lead of the
former cannot be considered as evidence for the leading role of
the Southern Hemisphere in driving the glacial cycles. Indeed, in
our simulations, the Southern Hemisphere temperature lead
arises from the response to the Northern Hemisphere forcing (ice
sheets), global CO2 and local orbital forcing.

4. Our results demonstrate that a stronger Antarctic warming at
the beginning of several previous interglacials, as compared to
the Holocene, may be explained by the temperature overshoot
associated with the late recovery of the AMOC. Hence, the
qualitative difference between different terminations may
result from a modest difference in the rates of the deglacia-
tions. At the same time, a pronounced Antarctic cooling trend
seen during most interglacials can be explained by the orbital
forcing, primarily by decreasing obliquity.

5. Our simulations of d18Ow in the ocean during glacial termina-
tions show that the temporal evolution of this tracer can
considerably deviate from the global ice volume. In particular,
in the deep Atlantic, d18Ow leads the global ice volume while in
the Pacific it considerably lags the global ice volume. Temper-
ature effect on d18Oc additionally complicates its temporal
dynamics. As a result, the use of d18O for the synchronization of
different paleoclimate records introduces large relative dating
errors, of up to several thousand years in our simplified
experiments.

6. Analysis of the temporal evolution of the local d18Ow – salinity
relationship in our model shows that, the local spatial slope
between these two tracers is not invariant on glacial–inter-
glacial timescales and that great caution is needed when
interpreting past d18Ow levels as a proxy for past salinities.

The overall conclusion of our work is that the ultimate under-
standing of past climate changes will only be possible using pale-
oclimate records in conjunction with comprehensive Earth system
models, which simulate not only climate characteristics but also the
paleoclimate proxies themselves.
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